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ABSTRACT

A preliminary climatology of reflectivity profiles derived from the first spaceborne precipitation radar (PR),
which is on board the Tropical Rainfall Measuring Mission (TRMM) satellite, is described using the data from
January 1998 to February 1999. This study focuses on the behavior of the melting-layer (bright band) altitude
in stratiform precipitation. This analysis will be useful for improving passive microwave radiometric estimations
of rain rates because it provides information about otherwise unknown parameters in the estimation models (the
depth of the rain column). The monthly means of the melting-layer altitude estimated over 108 3 108 latitude–
longitude grid boxes show that high melting layers (.4.5 km) tend to appear during extreme events such as El
Niño and the Asian summer monsoon, and lower melting layers are usually observed in the winter hemisphere,
which suggests a close relationship between surface temperature and the melting-layer altitude. Detailed cli-
matologies of the profiles are provided for eight selected regions. For each region the seasonal variation of the
meting-layer altitude and the mean and variation of the reflectivity profiles are discussed. The diurnal cycle of
the melting-layer altitude and second-moment products, such as the spatial correlation along the satellite track,
illustrate the irregular characteristics of the melting-layer altitude.

1. Introduction

The Tropical Rainfall Measuring Mission (TRMM)
is primarily intended to estimate monthly mean rainfall
with a resolution of 58 3 58 latitude–longitude over the
tropical oceans during its design lifetime of 3 yr. The
data will be used to validate general circulation models
and to understand the large-scale atmospheric circula-
tion driven by the latent heat released from tropical
precipitation. One of the advantages of TRMM is that
sampling errors and related biases, such as beamfilling
errors (Chiu et al. 1990; Short and North 1990) are
reduced by its low altitude (350 km) and low inclination
(358). In particular, the non-sun-synchronous orbit leads
to sampling at all local times over the course of a few
weeks and reduces the diurnal bias drastically (Shin and
North 2000). The other significant goal of TRMM is to
provide three-dimensional radar reflectivity data. The
TRMM radar is building a dataset that provides essential
information on the vertical distribution of tropical hy-
drometeors. In addition to its primary scientific purpose,
the radar data can be used to tune the algorithms for
other instruments such as passive microwave radiom-
eters.

The purpose of this study is to provide a summary
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of the TRMM radar data. It should prove useful in the
estimation of rain rates with the passive microwave in-
strument. This kind of information is especially valuable
because many microwave instruments that are operating
(or planned) are without accompanying radars. The
common unknown parameter needed in most microwave
retrieval algorithms, such as those of Wilheit et al.
(1977, 1991), Kummerow and Giglio (1994), and Tes-
mer and Wilheit (1998), is the thickness of the rain
column, which is usually taken to be the melting-layer
altitude (freezing-level altitude or in radar meteorology,
the bright band). Above this layer most precipitation is
in the form of snow or ice and does not attenuate mi-
crowaves very much. Most of the algorithms show a
significant sensitivity to the altitude of the melting layer,
because the rainfall integrated along the path determines
the brightness temperature. Many case studies have been
conducted to understand the characteristics of the melt-
ing layer since the 1950s (Austin and Bemis 1950; Oht-
ake 1969; Knight 1979; Leary and Houze 1979; Stewart
et al. 1984; Fujiyoshi 1986; Klaassen 1988; Willis and
Heymsfield 1989; and many others). Due to these field
experiments the microphysical features of the melting
layer are well established. However, it was impossible
to construct a climatology of the melting layer at the
global scale before the launch of TRMM. This study
will focus on the climatological behavior of the melting-
layer altitude as well as the reflectivity profile itself.

An advantage of our approach is that it does not de-
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FIG. 1. The reflectivity data are collected over 108 3 108 lat–long grid boxes and eight regions. The five
regions are located in the tropical oceans, and the others are on land: (1) Africa, (2) the Indian Ocean, (3)
Australia, (4) the western Pacific Ocean, (5) the central Pacific Ocean, (6) the eastern Pacific Ocean, (7) South
America, and (8) the Atlantic Ocean.

pend on any rainfall product derived from the precipi-
tation radar. Only the raw reflectivity data are used.

2. Data

Reflectivity data (so-called 1C21 in TRMM data clas-
sification) from the TRMM precipitation radar (PR)
from January 1998 to January 1999 are used in this
study. The TRMM satellite orbits the earth with an in-
clination of approximately 358 and an altitude of 350
km. The TRMM PR, one of five instruments on the
TRMM satellite, measures the returned power at 13.8
GHz (2.17 cm). The PR scans across the ground track
of the satellite every 0.6 s with a 348 scan angle, cor-
responding to a swath width of 215 km (Kummerow et
al. 1998). The central ray among the 49 rays in each
scan views the nadir (08 zenith angle). The reflectivity
profiles of the nadir rays were binned in 108 3 108
longitude–latitude grid boxes for the latitudinal band
between 358N and 358S, and also over eight selected
regions (Fig. 1). The five regions are selected in the
tropical oceans (the Indian, the western Pacific, the cen-
tral Pacific, the eastern Pacific, the Atlantic) and the
others are in land (Africa, Australia, and South Amer-
ica). Data below 1.5 km were excluded to avoid the
influence of strong reflections from the surface. The
reflectivity is expressed in dBZ where dBZ 5 10 log10Z,
and Z is the radar reflectivity factor. The 1C21 data are
not corrected with any propagation loss due to rain or
other atmospheric gases.

Figure 2 shows an example of a reflectivity cross
section along a segment of the satellite track in the
tropical Atlantic Ocean and three selected vertical pro-
files from the segment. A distinct bright band is found
between 4.5- and ;5.0-km altitude in the stratiform
precipitation (Fig. 2a). The bright band can be inter-
preted as a transition layer where ice particles are melt-
ing. According to Houze (1997), the bright band is a
clear feature of stratiform precipitation, although the
bright band in all of stratiform precipitation structures
may not be observed due to the detection ability of radar.
The melting of frozen hydrometeors also occurs in con-

vective precipitation. However, the bright band is not
usually observed in convective precipitation due to
strong convective air motions. The bright band or melt-
ing layer has larger reflectivity relative to its surround-
ings due to the increased dielectric constant of melting
precipitation particles and the growth of droplets by
coalescence. The decreasing reflectivity in the lower part
of the melting layer is attributed to the breakup of drop-
lets resulting from the increased terminal velocity (Bat-
tan 1973). The bright band is usually observed more
distinctively with the lower-frequency microwaves be-
cause the enhancement of the reflectivity in the melting
layer relative to that in the snow or rain is greater at
the lower frequencies (Menighini and Kozu 1990).

3. Estimation of the altitude of melting layer

Our major concern here is to construct a preliminary
climatology of the altitude of the melting layer, rather
than other features such as its thickness or the absolute
intensity of the reflectivity. The algorithm for estimating
the melting-layer altitude uses three quantities:

R the altitude of the maximum radar reflectivity Ho 5
H(dBZmax),

R the altitude of the largest positive reflectivity gradient
Hmax 5 H([(]/]H)dBZ]max),

R the altitude of the largest negative reflectivity gradient
Hmin 5 H([(]/]H)dBZ]min).

The altitude Ho is taken to be the altitude of the melting
layer (bright band) if the following conditions satisfy

H , H , H , (1)max o min

0 , H 2 H , dH , and (2)min o 1

0 , H 2 H , dH , (3)o max 2

where dH1 and dH2 are the upper part (between the
freezing level and Ho) and lower part of the melting
layer, respectively. The terms dH1 and dH2 are chosen
in the following way. The thickness of the melting layer
is known to be related to the intensity of precipitation;
the thickness of the melting layer increases with rain
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FIG. 2. (a) Vertical cross section along the satellite track and vertical profiles of radar reflectivity at the different
scan positions: (b) 6455, (c) 6465, (d) 6500. The scan starts at 9.58N, 28.88W, ends at 7.38N, 25.78W on 26 Jul
1998.

intensity (Klaassen 1988). A thick band of high reflec-
tivity, as in Fig. 2d, can be a distinct feature of con-
vective precipitation. The melting-layer altitude is usu-
ally located slightly below the freezing level (08C iso-
therm level), and dH1 is on the order of a few hundred
meters (Meneghini and Kozu 1990). In an observational
study by Austin and Bemis (1950), dH1 ranges up to
about 0.73 km. The thickness of the entire melting layer,
as measured by Leary and Houze (1979), ranges from
0.9 to ;1.5 km. Here we take dH1 5 dH2 5 1 km to
correspond to the largest observed depth (1.5 km) 6250
m (the vertical distance between samples). Therefore,
profiles with a melting layer deeper than 2 km are not
included because such profiles are regarded as elements
of convective cells. Of course, the algorithm is too sim-
ple to detect 100% of the melting layers in stratiform
precipitation, but careful investigation reveals that this
simple detection algorithm tends not to select broad

melting layers that might have originated from convec-
tive cells. Again, this study focuses on the mean statis-
tics of the melting layer, not separating convective and
stratiform precipitation. Using a narrow-enough melt-
ing-layer criterion may allow us to avoid the contami-
nation from the convective type of precipitations in
making the climatology of the melting layer. Figures 2b
and 2c show well-defined melting layers with layer al-
titudes of about 4.6 and 4.8 km, respectively. Profiles
such as that in Fig. 2d are not included in this study.

Note that the brightband (melting layer) altitude is
also provided as a standard TRMM product (algorithm
2A23). The TRMM algorithm uses a more complicated
method than used here. For example, the freezing-level
altitude derived from a climatological dataset is con-
sidered in the algorithm. Differences between monthly
means from this study and algorithm 2A23 are on the
order of a few hundred meters over 108 3 108 latitude–
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longitude grid boxes between 358N and 358S, and the
difference does not appear to depend on seasons and
geolocations. The two methods compare well, and our
algorithm is not affected by potential changes in the
standard TRMM algorithm.

4. Results

a. Mean spatial structure of melting-layer altitude

Figure 3 shows the distributions of monthly mean
melting-layer altitudes Ho for all the months of 1998
and January–February of 1999. Here Ho is calculated
using all reflectivity profiles collected within each 108
3 108 latitude–longitude grid box for each month. Due
to insufficient occurrence of precipitation or nonexis-
tence of distinct bright bands in stratiform clouds Ho is
not defined over all of the grid boxes. Typically about
25% of the grid boxes, usually away from the equator,
have no data in a given month. In particular, we cannot
usually estimate the melting-layer altitude for the south-
eastern Pacific, which is usually under high sea level
pressure throughout the year.

The pattern is predominantly zonal, extending or
shrinking to the north and south with the seasons. The
values of Ho range between 2.5 and 5.3 km during the
period sampled so far. The highest values of Ho are
found in the region where the Asian summer monsoon
prevails, while the lowest values can be seen around the
latitude of 308 in the winter hemisphere.

The maps show that high values of Ho tend to occur
in the equatorial Tropics between January and August
1998. Especially high Ho’s are observed in the central
and eastern tropical Pacific Ocean during the period
between January and May. These regions shrink for the
next three months, June–August. The first quarter of
1998 was under the influence of a strong El Niño, char-
acterized by a warm sea surface temperature (SST)
anomaly in the central and eastern tropical Pacific
Ocean. The El Niño episode of 1998 was weakening
and ending during the second quarter of the year. It
appears that the high Ho’s over the two tropical oceanic
regions, at least 0.5 km higher than the values during
the second half of the year, result from the warm SST
anomaly associated with the El Niño. Furthermore, this
characteristic is evident in comparing January 1998 and
January 1999, which was the beginning month of a La
Niña episode. Regions with melting-layer altitude great-
er than 4.5 km are observed over the central and eastern
tropical Pacific Ocean in January 1998, but disappear
in January 1999. This is probably related to the cold
SST anomaly in these regions. High Ho’s also occur in
the regions subject to strong summer monsoon flows.
The summer monsoon over southern Asia usually ini-
tiates in late spring and is present during the summer
with intense rainfalls. The maps from May to August
clearly indicate that melting layers higher than 4.5 km
over southern Asia are associated with the cross-equa-

torial monsoon circulation that brings warm moisture
fluxes from the equatorial region to southern Asia (e.g.,
Krishnamurti and Bhalme 1976; Rodwell and Hoskins
1995).

Regions where Ho ø 4;4.5 km are located sparsely
for the period January–August, but after this period high
Ho values are dominant over the Tropics. The existence
of a 4- to ;4.5-km melting layer is limited to within
258 of the equator in the winter hemisphere, but in the
opposite (summer) hemisphere, the 4- to ;4.5-km melt-
ing layer tends to extend farther poleward. Low Ho’s
(,4 km) are usually found at the latitude higher than
208 in the winter hemisphere and around 308 in the
summer hemisphere. The northern boundary of low Ho

in northern winter seems to be closer to the equator than
the southern boundary. This feature may be attributed
to the larger amount of landmass in the Northern Hemi-
sphere (smaller thermal inertia).

The standard deviations (within the month) of melt-
ing-layer altitude for each month are presented in Fig.
4. Variability is slightly larger over the Indian Ocean,
southern Asia, and around South America, while a low
variability, less than about 0.5 km, seems to occur else-
where. Large variability does not seem to correlate with
the seasons, however, nor does it coincide with regions
of high Ho.

b. Seasonal variation of melting-layer altitude

Figure 5 shows the seasonal variation of the melting-
layer altitudes obtained by averaging monthly mean
melting-layer altitudes over 108-wide latitudinal belts.
Higher latitudes in both hemispheres exhibit larger sea-
sonal variability. The transition points, indicating the
weak difference of baroclinity between the northern and
Southern Hemispheres (Ramage and Hori 1981), occur
during the periods April;May and around November.
A symmetric pattern of Ho around the equator is gen-
erally found in those periods as in Fig. 3. The melting
layer in the equatorial zone (Fig. 5d) is higher in the
first half of the year than in the last half of the year,
reflecting the warm surface condition associated with
the El Niño episode early in the year.

The seasonal variations of Ho for eight selected regions
are also shown in Fig. 6. Generally the seasonal cycle is
more obvious over land than ocean; the strongest one
appears in Australia. The amplitude of the cycle in Aus-
tralia well exceeds the variations within a month, rep-
resented by standard deviation bars in Fig. 6, and the
cycle is in phase with the seasonal march of the sun. The
seasonal variation in South America is much weaker than
that of Australia, but clearly peaks in April. The region
selected over central Africa does not exhibit a pro-
nounced annual cycle. This may be because the region
is centered at the equator, so that the seasonal differences
of both sides tend to be averaged over the domain.

The general shape of the annual curves seems to re-
semble that the annual variation of the SST over the
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FIG. 3. Maps of monthly mean melting-layer altitude from Jan 1998 to Feb 1999. The spatial resolution of the grid
is 108 3 108 lat–long. White areas have no melting-layer altitude due to the insufficient occurrence of precipitations or
nonexistence of well-defined melting layer.
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FIG. 3. (Continued )

equatorial oceans. The seasonal variation in the western
Pacific is the weakest of the eight regions. It may be
associated with the weak annual variation of the SST.
The Indian and Atlantic Oceanic regions show moderate

annual variations with the peaks occurring during north-
ern spring. The seasonal variations in the eastern and
central equatorial Pacific Ocean are slightly larger than
those of the other oceans. This may be due to the variation
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FIG. 4. Distributions of the standard deviation of melting-layer altitude from Jan 1998 to Feb 1999.

of SST that is associated with El Niño and La Niña that
occurred during the period. The data available at this time
allow a first estimate of the annual cycle. This estimate
will improve as more data become available.

c. Mean and variation of reflectivity profiles

The monthly mean profiles of reflectivity from strat-
iform precipitations for January, April, July, and Oc-
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FIG. 4. (Continued )

tober 1998 over eight selected regions are illustrated in
Fig. 7. In averaging each month, only profiles with a
minimum reflectivity exceeding the rainfall threshold of
15 dBZ (Kummerow et al. 1998) are used. All the cal-

culated mean profiles exhibit melting layers, and the
shape of the mean profiles seems to be maintained
throughout the year with a slight change of intensity or
vertical position.
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FIG. 5. Seasonal variation of monthly mean melting-layer altitude
averaged over 108 wide latitude belts: (a) 258;358S and 258;358N,
(b) 158;258S and 158;258N, (c) 58;158S and 58;158N, and (d)
58S;58N.

The shape of the mean profiles is similar to that of
the monthly mean profile obtained by Steiner et al.
(1995). The mean melting layers over oceanic regions
are narrower and better defined than over land. It may
be suggested that the more consistent types of stratiform
precipitation were involved in the construction of the
monthly mean profiles for the oceanic areas.

Some investigators working with passive microwave
algorithms such as Tesmer and Wilheit (1998) are con-
cerned with the vertical structure of radar profiles. In
particular, they have considered the lapse rate of re-
flectivity above the freezing level because it is usually
related to the distribution of ice particles. The mean
profiles have been provided for the reason. In addition,
the variability around the mean profiles is also pre-
sented. It can be conveniently represented by empirical
orthogonal functions (EOFs). The spatial (vertical)
EOFs can be obtained by diagonalizing the covariance
matrix calculated by subtracting out the spatial mean

from the data. The EOF analysis provides a set of mode
eigenvalues explaining the portion of total variance ac-
counted for by the EOFs (e.g., North et al. 1982).

The general pattern of EOFs is characterized by N 2
1 zero crossings for the Nth mode. An example of the
EOFs for January 1998 is shown in Fig. 8. For all the
months during the period, the first three or four EOFs
account for at least 90% of the variance of the reflec-
tivity profiles. The percentage variances and cummu-
lative values (parentheses) of the first three EOFs for
the month are shown on the top of each panel in the
figure. The index-one EOFs are all positive at every
altitude, the index-two EOFs cross zero only one time,
and the index-three EOFs have two zero-crossings.
Therefore, the index-one EOFs describe changes in the
intensity of reflectivity. That is, the index-one EOFs
shift the mean profile in the horizontal (abscissa) di-
rection, so that the reflectivity profiles similar to the
mean profile with a slightly different intensity may con-
tribute to the variation of the mean profile. The index-
one EOFs account for 64.1%–76.8% of the total vari-
ance for the month and the domains.

The zero-crossing altitude of EOF2 roughly coincides
with the monthly mean melting-layer altitudes that will
be shown in the following section (Fig. 6). EOF2 de-
scribes how the variation from the mean profile is af-
fected by the stratiform clouds whose melting-layer al-
titude is comparable to the monthly mean melting-layer
altitude. The index-two EOFs explain 11.4%–16.5% of
the total variance. The variations explained by the third-
mode EOFs may be associated with more complicated
distortions.

d. Diurnal cycle of melting-layer altitude

The values of Ho derived from each reflectivity profile
were averaged within each hour of the day to produce
mean hourly melting-layer altitudes for the eight se-
lected regions. To estimate the diurnal cycle of the data,
we use a simple sinusoidal model:

Ho(t) 5 m 1 A cos(2pkf t 1 u) 1 e(t),

k 5 1 and t 5 0, . . . , 23, (4)

where Ho(t) indicates the monthly mean melting-layer
altitude at each hour t, m is an added constant, A is the
amplitude in kilometers, u is the phase in hours after
local midnight, f is the diurnal frequency [(1/24) h21],
and e(t) is the residual. The estimated amplitude and
phase of the diurnal cycle are obtained by the least
squares method (Bloomfield 1976).

The results are shown in Fig. 9. The length and di-
rection of the arrow indicate the amplitude of the diurnal
cycle and the peak time after local midnight, respec-
tively. A statistical test for the estimated diurnal cycles
is performed using the F distribution. Details of the test
can be referred to in Wei (1990). In the figure, the di-
urnal cycle over 90% statistical significance is repre-
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FIG. 6. The seasonal cycle in monthly melting-layer altitude for eight selected regions. Each bar on
the graphs indicates the standard deviation for each month.

sented by the thick arrows. Moderate diurnal cycles are
found over the Indian Ocean, Australia, and South
America in some seasons. The amplitudes range from
0.13 to ;0.23 km, and the peaks are between midnight
and morning. The amplitudes of the diurnal cycle gen-
erally do not exceed 10% of the corresponding monthly
mean values and are usually much smaller than the stan-
dard deviation within each hour. The large variation in
each hour, which leads to the weak diurnal cycle, may
illustrate the transient nature of the bright band (Klaas-
sen 1988). The diurnal cycle estimates will improve as
more data are incorporated in the future.

e. Spatial correlation of the melting-layer altitudes
The spatial correlation of the well-defined melting

layer is estimated for eight selected regions and each

month of 1998 to see whether a dependency on geo-
locations and seasons exists. In each month approxi-
mately more than 50 scan strips along nadir are em-
ployed for each region. The melting-layer altitudes are
calculated at every scan point on each scan strip, and
the value for undefined scan points is set to zero. With
this zero-filled scan strip of melting-layer altitude, the
sample autocorrelation function is calculated by

N2y

[H (n) 2 H ][H (n 1 y) 2 H ]O o o o o
n51r(y) 5 , (5)N

2[H (n) 2 H ]O o o
n51

where r(y) denotes the sample autocorrelation coeffi-
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FIG. 7. Mean profiles of reflectivty for eight selected regions and four seasons: (solid) Jan,
(dotted) Apr, (dashed) Jul, and (dash–dotted) Oct 1998.

cient of lag y , Ho is melting-layer altitude, and the ov-
erbar represents the average value of a strip.

According to Trenberth (1984) and Nakamoto et al.
(1992), in estimating an averaged autocorrelation func-
tion with many strips of data, the less-biased estimator
can be obtained when the statistics of the entire set of
strips are computed than when the individual statistics
are averaged. However, the biased estimator may be
more appropriate because during a relatively long period
(like a month) the use of all the data may smooth any
local characteristics. Furthermore, the purpose of find-
ing the spatial correlation in this study is just to examine
the pattern of its distribution (or the e-folding lag, which
is an indicator of spatial scale). Therefore a systematic
bias may be of no importance.

The monthly mean autocorrelation function is ob-
tained by averaging the spatial autocorrelation functions
of each strip. Figure 10 shows the scatterplots of the

autocorrelation functions for each month in 1998. All
the autocorrelation functions show a similar pattern, de-
creasing exponentially after the lag 1. The most con-
sistent patterns through the year are found in the Indian
and the western Pacific Oceans. The e-folding lags from
the mean autocorrelation are mostly lags 2 and 3 (8.8
and 13.2 km in length scale) and lags 1, 4, and 5, sparse-
ly. It is hard to find a systematically varying pattern
depending on regions and seasons.

An attempt is made to model the autocorrelation func-
tions using a random variable Y, which is a mixture of
a red noise X and a white noise e in space. The random
variable X may be represented by the first-order auto-
regressive process (AR1). The autocovariance function
of X is then given by Rx(y) 5 ay , and for the white2s x

noise Re(y) 5 dy , where is the variance of X,2 2s se x

is the white noise variance, a is the lag 1 coefficient2s e

of the AR1, and dy is the Kronecker delta function,
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FIG. 8. The first three eigenfunctions of reflectivity profile for eight selected regions in Jan 1998.
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FIG. 9. Amplitude and phase (peak time) of the diurnal variation of the mean melting-layer altitude for eight
selected regions and four seasons: MAM (Mar;May 1998), JJA (Jun;Aug 1998), SON (Sep;Nov 1998) and DJF
(Dec 1998;Feb 1999) from the left to the right in each box. The direction of the arrow indicates the peak time
after local midnight in a 24-h clock as shown in lower right corner and the length denotes its amplitude. The diurnal
cycle over 90% statistical significance is indicated by thick arrow.

FIG. 10. Scatterplots of monthly mean autocorrelation functions in 1998 for eight regions. The
superimposed line (solid) represents the autocorrelation function of a random variable Y, which is
a sum of a spatially red noise X and a spatially white noise e. Here a indicates the lag-1 coefficient
of the red noise, represented by the first-order autoregressive process. The e-folding value (e21) of
the autocorrelation is indicated by a horizontally dotted line.



1 DECEMBER 2000 4085S H I N E T A L .

which is dy 5 1 if y 5 0, but otherwise dy 5 0. There-
fore, the autocorrelation function of Y ; X 1 e, ry(y)
may be expressed by

R (y)cov[Y(n), Y(n 1 y)] y
r (y) 5 5y R (0)Ïvar[Y(n)] var[Y(n 1 y)] y

2 y 2R (y) 1 R (y) s a 1 s dx e x e y5 5 (6)
2 2 2 2s 1 s s 1 sx e x e

and finally,

1 if y 5 0,
r (y) 5 (7)y y5Ca otherwise,

where C 5 /( 1 ).2 2 2s s sx x e

The autocorrelation functions of Y are estimated by
minimizing total mean-square error between the simu-
lated and observed monthly mean autocorrelations with
the assumption of C 5 0.5, which implies the same
amounts of the random fluctuation and the red noise2s e

fluctuation exist in the mixed spatial series Y. The2s x

simulated autocorrelation functions are superimposed in
Fig. 10 (solid line). Generally, the autocorrelation func-
tions of Y seem to well represent the monthly mean
autocorrrelations, and the values of the lag-1 coefficient
of the red noise for each region are similar, ranging from
0.84 to 0.89. This property may show the spatially ho-
mogeneous characteristic of the melting layer. At the
same time, the large portion attributable to random fluc-
tuation (as much as the red noise) may be another in-
dicator representing the irregular behavior (in space) of
the melting layer.

5. Summary and conclusions

A 14-month climatological study of the altitude of
the melting layer in stratiform precipitation (radar bright
band) is conducted using reflectivity data from the pre-
cipitation radar on the TRMM satellite. The altitude of
the melting-layer Ho is estimated by a simple gradient-
checking algorithm. Monthly mean fields of the melting-
layer altitude Ho are computed over the entire domain
covered by the TRMM satellite (358S to ;358N) with
spatial resolution of 108. To further demonstrate the de-
tailed climatologies, eight regions are considered.

The distinct feature of the monthly mean melting-
layer altitude Ho is that high melting layers greater than
4.5 km seem to exist in response to extreme phenomena
such as El Niño and the Asian summer monsoon. The
monthly mean melting layers between 4- and ;4.5-km
altitude are observed widely around the equator with a
mild seasonal change during the second half of the year
when the unusual phenomena disappear, and lower melt-
ing layers are usually found in the winter hemisphere.
We have also found that larger seasonal variability tends
to occur in higher latitudes and over land. Harris et al.
(2000) investigated the difference between the monthly
mean melting-layer altitude and the altitute of freezing

level (08C isotherm) in the National Centers for Envi-
ronmental Prediction (NCEP) reanalysis data. As we
mentioned in the earlier section, two quantities, altitude
of freezing level and melting-layer altitude, are slightly
different, and the difference depends on season and geo-
location, usually ranging from a few hundred meters to
less than 1 km. The comparison study of Harris et al.
(2000) shows that the difference of two monthly mean
altitudes ranges from about 300 m over the ocean to
about 900 m over land, and concluded that our estimated
melting-layer altitudes compare well to the climatology
of the NCEP freezing-level data.

The analyses of second-moment statistics show the
irregular or homogeneous properties of the melting-lay-
er altitude—for example, the uneven distribution of
standard deviations (within the month), the inconsistent
weak diurnal cycle, and no systematically varying pat-
tern in space. These features from the second-moment
statistics may illustrate that the melting layer is rather
erratic in occurrence and existence, but the larger-scale
mean statistics suggest that the altitude of the melting
layer is mainly determined by surface temperature, as
we might expect.

Due to the appearance of the El Niño during the pe-
riod sampled, this climatology of the melting-layer al-
titude may not be representative of other years. The data
and their climatologies in this period are especially valu-
able, however, because the extreme events such as El
Niño and La Niña may not occur again during the mis-
sion lifetime of TRMM. Also, the altitude of the melting
layer seems to respond to the atmospheric variables and
phenomena so that the data may be used for many pur-
poses. For example, the 30–60-day oscillations (Mad-
den and Julian 1971), which are an important factor in
modeling climate change at the month to seasonal time-
scale, may be investigated.
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